[1] The substantial lowering of tropical snowlines at the Last Glacial Maximum (LGM), circa 21 kya, is examined using a modified version of the single-cell tropical climate model of Betts and Ridgway [1989]. These authors concluded that it was difficult to reconcile the large depression of snowlines at the LGM with the small reduction in mean tropical sea-surface temperature (SST) of the Climate: Long-Range Investigation, Mapping, and Prediction (CLIMAP) reconstruction. Here, climatic implications of the snowline depression are compared, not with CLIMAP, but with temperature proxies (d 18 O and Sr/Ca ratios in corals, noble gas concentrations in aquifers, alkenone and Mg/Ca ratios in deep-sea sediments and recent faunal reconstructions) whose LGM values have been interpreted as implying lower surface temperatures in the tropics. It proves difficult, in the framework of this model, to reconcile the coldest of the indicated paleotemperatures with the observed snowline depression, which by itself is found to be consistent with an SST reduction of $3 K. A cooling of this magnitude corresponds most closely to recent warm-pool LGM sea-surface temperature estimates based on Mg/Ca paleothermometry. Discordance among the various proxy reconstructions may result, at least in part, from regional variations in surface temperature change at the LGM.
Introduction
[2] The depression of tropical snowlines at the Last Glacial Maximum (LGM) has not yet been definitively reconciled with sea-surface temperature (SST) reconstructions. Notable among such reconstructions was that of the Climate: Long-Range Investigation, Mapping, and Prediction (CLIMAP) Project Members [1981] , which was based on faunal assemblages and indicated a mean tropical SST reduction of $1 K at the LGM. The relatively warm tropical SSTs of the CLIMAP reconstruction were questioned by Rind and Peteet [1985] as well as Betts and Ridgway [1992] and more recently have been tested by the Paleoclimate Model Intercomparison Project (PMIP) [Pinot et al., 1999] . The Rind and Peteet study, as well as the PMIP simulations, utilized general circulation models (GCMs) and found that the small SST reductions postulated by CLIMAP were incompatible with terrestrial records of LGM temperature change, including pollen, vegetation, and snowline shifts, that indicated greater cooling. The Betts and Ridgway study, employing a single-cell budget model of the tropical circulation, focused only on the thermodynamical implications of the observed snowline depression, in the context of an atmospheric temperature profile controlled by boundary layer interactions over the tropical oceans. This study reached a similar conclusion.
[3] Since CLIMAP, other temperature proxies have been developed, among them d
18
O and Sr/Ca ratios in corals [Beck et al., 1985; Guilderson et al., 1994] , noble gas concentrations in aquifers [Stute et al., 1995; Weyhenmeyer et al., 2000] , alkenones [Bard et al., 1997; Bard, 1999; Emeis et al., 1995; Lyle et al., 1992; Ohkouchi et al., 1994; Rostek et al., 1993; Sikes and Keigwin, 1994; Sonzogni et al., 1998 ], and Mg/Ca ratios in pelagic sediments [Hastings et al., 1998; Lea et al., 2000] . In addition, new estimates based on faunal assemblages have been produced Lee and Slowey, 1999] . The LGM surface temperature depressions inferred from these records range from 1.5 to 6.5 K. It should be noted that groundwater records are indicators of terrestrial temperatures, changes in which may be decoupled to some degree from SST changes of even proximal ocean regions [Weyhenmeyer et al., 2000] . However, since we shall argue that a reduction in tropical SST of 5 K or more is too great to be consistent with the observed snowline depressions, some offset of land surface temperature changes from those in SST may serve to ameliorate the apparent discordance between these indicators.
[4] In this study we employ Betts and Ridgway's [1989] singlecell tropical climate model, hereinafter referred to as BR89, as modified by Seager et al. [2000] , in order to investigate the sensitivity of snowline elevations to changes in SST, surface winds, above-inversion moisture, and autoconversion efficiency in the shallow cumulus clouds that populate the tropical marine atmospheric boundary layer. The effects of LGM precipitation changes on snowlines are considered as well, using a regression relationship derived from the modern distribution of snowlines as well as temperature and precipitation fields.
[5] In section 2 we provide an overview of the conceptual framework of this study, which is followed in section 3 by a more detailed model description. Sections 4 and 5 provide further discussion of key theoretical assumptions, while section 6 considers the role of precipitation in forcing snowline variations. Section 7 discusses boundary layer changes required at the LGM, and section 8, the core of the paper, describes sensitivity experiments in which the model parameter space is explored. In section 9 we discuss the implications of these experiments, and in section 10 we discuss possible sources of error. Section 11 provides comparisons with the various proxy records, while section 12 discusses the effects of drizzle, one feature that sets the present model apart from its predecessor. A summary is provided in section 13. Finally, in Appendix A, we describe the regression calculations.
Conceptual Framework
[6] The study employs a one-dimensional model of the tropical climate, as identified above. It is a radiative-convective equilibrium model, meaning that it seeks a state in which the thermal and moisture structure of the modeled atmospheric column is in equilibrium with the radiation field, as well as with the heat and water fluxes from the ocean surface, subject to specified boundary conditions. The model is ''semiempirical,'' in that it imposes a general atmospheric structure, including a composite boundary layer, that is rooted in observations [Betts and Ridgway, 1989] . Structurally, we believe it to be basic enough to be equally applicable to both modern and LGM tropical climates. Since the model has only a single spatial dimension (in the vertical), the various model parameters, including SST, surface fluxes, temperature, and moisture at a given height as well as the imposed boundary conditions, can each assume only a single equilibrium value. These are taken to represent spatially averaged quantities.
[7] Deep convection, occurring in the west Pacific warm pool and other areas, proceeds along a characteristic vertical temperature profile. This profile, which is effectively communicated throughout the tropics, is determined by properties of the low-level, or mixedlayer, air converging into the convective regions. The model does not represent the precise locations where convection is actually occurring, which occupy only a small percentage of the area of the tropics at any one time. Instead, it simulates the subsiding regions, in which mixed-layer air is conditioned as it converges toward the zones where deep convection occurs. Although the modeled area is specified only in climatic terms, it can initially be thought of as representing an average taken over the subsiding areas of the warm pool.
[8] To constrain the relationship between snowline elevation, temperature, and precipitation, a series of regression calculations was carried out, utilizing modern distributions of glacier equilibrium-line altitudes (ELAs) and climate variables. The regression relationship enables a quantitative estimate of the effect of LGM precipitation change on snowlines.
[9] The core of the paper consists of a suite of sensitivity experiments, in which the parameter space of the model is explored. The object of these experiments is to delineate a likely range for SST reduction at the LGM, given the atmospheric freezing height depression implied by the observed lowering of snowlines, and taking into account possible variations in precipitation.
Model Description
[10] The climate model employed consists of a single column and represents the subsiding regions of the warm pool, in the sense that SST is taken to be close to that in the areas where deep convection occurs. The model balances the budgets of heat and moisture for the mixed layer, convective boundary layer (CBL), and troposphere as a whole. A radiation module accounts for ozone, carbon dioxide (CO 2 ), and water vapor as well as the effects of boundary layer clouds. The fractional area occupied by these clouds is specified, and the radiative perturbation due to high-level clouds is assumed to equal the atmospheric export of heat from the tropics, as in BR89. The net radiative cooling of the troposphere is then balanced by the sensible and (principally) latent heat fluxes from the ocean surface. In the steady state solutions found by the model, radiative cooling of the troposphere is also equal to the subsidence warming; this provides a constraint on the subsidence term in the CBL heat budget. SST is computed by requiring that the net surface heat flux be equal to the specified ocean heat transport.
[11] The model convective boundary layer consists of two sublayers, the uppermost of which is fractionally populated by the above mentioned clouds. Below this is a nearly well-mixed sublayer, which extends to the ocean surface (the 2 mbar surface layer of BR89 is omitted in this model version). The vertical profiles of potential temperature and moisture within the CBL are parameterized via a saturation point mixing line [Betts, 1982 [Betts, , 1985 , with air near the ocean surface and that above the inversion constituting the two end-members. Above the CBL a moist, or moist virtual, adiabatic temperature structure is assumed, corresponding to the equivalent potential temperature, q e , of the subcloud layer.
[12] The moisture structure above the CBL is determined as in BR89. First, air just above the inversion, or CBL top, is assumed to have a specific humidity corresponding to saturation near the atmospheric freezing level at the corresponding model pressure. The precise temperature at which saturation specific humidity is computed is a tunable parameter, which we vary in the experiments to be described. Next, specific humidity at the tropopause is specified by choosing a value for subsaturation at this level, subsaturation being defined as the difference between saturation and actual pressure levels. Thus a subsaturation value of À30 mbar would imply that a parcel would become just saturated, with respect to water vapor, if raised 30 mbar. Finally, the tropospheric moisture profile is derived by linear interpolation of the subsaturation, between the above-inversion and tropopause values.
[13] An important difference between the present model and the original formulation of BR89 is the incorporation of drizzle. The drizzle parameterization used follows that of Albrecht [1993] and was first incorporated by Seager et al. [2000] into a two-cell version of the Betts-Ridgway model. Allowing the CBL clouds to drizzle produces a more realistic representation of boundary layer depth (along with corresponding changes in other model diagnostics) than does a model with only nonprecipitating clouds. Figure 1 shows the modeled cloud top pressure with and without drizzle over a range of SSTs. Without precipitation, cloud top pressure varies from $815 mbar at an SST of 295 K to 700 mbar at 305 K. When a modest amount of drizzle is permitted (0.25 -0.75 mm/d for the plot shown), the corresponding variation in cloud top pressure is $830 -790 mbar. Thus the inclusion of drizzle lowers the inversion height and damps the response of inversion pressure level to rising SST. Schubert et al. [1995] have shown that a similar effect can be induced by large-scale dynamical processes, which cannot be represented explicitly in a single-cell model. In the parameterization used, the drizzle rate is proportional to precipitable water in the cloud layer, which increases as the layer deepens. Drizzle lowers the inversion level by removing cloud liquid water that would otherwise be available for evaporative cooling [Albrecht, 1993] . The removal of liquid water also reduces cloud optical depth and albedo, with corresponding effects on the surface radiation budget.
[14] In the LGM experiments to be described, oceanic heat export and other parameters are varied, and the model returns the corresponding equilibrium SST, along with various other diagnostics. In the next section we discuss the relationship of atmospheric freezing height to a key parameter returned by the model. More detailed descriptions of the basic and revised versions of the model are given by BR89, Clement and Seager [1999] , and Seager et al. [2000] .
Significance of Subcloud q q e
[15] Most important for our purposes, among the diagnostics returned by the model, are SST and the equivalent potential temperature, q e , of the subcloud, or atmospheric mixed layer. The temperature profile set by deep convection is assumed to follow an adiabat corresponding to this q e [Emanuel, 1994] , because such convection originates near the surface and because, by definition, q e is conserved by convectively rising parcels. Because of the inability of the low-latitude atmosphere to support large horizontal temperature gradients [Held and Hou, 1980; Schneider, 1977] , the vertical temperature profile thus produced, the moist adiabat, prevails rather uniformly throughout the tropics (Figure 2 ). Thus it is the subcloud q e , rather than SST per se, that determines the near-uniform height of the freezing isotherm in the tropical atmosphere, and, as we shall see, to a large extent the elevation of snowlines.
[16] There is evidence that the observed tropical temperature profile is actually slightly cooler, or less stable, than the moist adiabat [Betts, 1982; Xu and Emanuel, 1989] , and indeed, some degree of tropospheric instability must accumulate in order for deep convection to occur. To first order, radiative cooling tends to destabilize the tropical atmosphere, while deep convection acts to restore stability. The net effect of these competing processes is an intermediate temperature profile, with the relative influences of radiation and convection being inversely proportional to their respective adjustment timescales [Emanuel, 1994] . These timescales ($1 day for convective but an order of magnitude more for radiative adjustment) are such that the resulting temperature profile is close to, but slightly cooler than, the moist adiabat. We do not model the adjustment process explicitly but attempt to achieve a similar result by employing as a reference profile the moist virtual adiabat, the neutral temperature profile with respect to reversible ascent of saturated parcels. ''Reversible ascent,'' in this context, implies retention of condensed water, at least as high as the freezing level. The concomitant buoyancy loading causes parcels to reach a given temperature at a lower elevation than if the water had been rained out and produces a temperature profile that apparently corresponds to observations more closely than the classical moist adiabat [Betts, 1982] .
Lapse Rate Assumptions
[17] The temperature profile produced by deep convection differs markedly from the constant lapse rate often invoked in considering the relationship of surface temperature changes to shifts in the freezing height, as illustrated in Figure 3 . The plots in Figure 3 are constructed so that the height of the modern freezing level, $4900 m, corresponds to observations. The LGM freezing level is depressed by 780 m, which equals the observed snowline depression [Porter, 2001] minus the LGM reduction in sea level. Modern surface air temperature is taken as 300 K.
[18] In Figure 3a , a constant lapse rate of 5.5°/km is used; Figure 3b , on the other hand, employs fixed values of q e : 349.4 K (modern) and 337 K (LGM). Profiles in Figure 3b are moist virtual adiabats corresponding to these q e values, as discussed in section 4. These profiles are not simply offset, but have somewhat different shapes. In Figure 3b , cloud base, or the lifting condensation level, was taken 60 mbar above the surface for both modern and LGM profiles. In the constant-lapse-rate scenario a reduction in SST of 4.3 K is required to produce the observed freezing-level depression; for the scenario in which a constant q e is assumed, the required surface temperature reduction is only 3.1 K. The precise difference produced by such computations depends on a number of boundary layer parameters, but clearly the choice of lapse rate assumption can make a significant difference in the SST change inferred from a given shift in the atmospheric freezing level.
Effect of Precipitation Changes
[19] To constrain the relationship between snowlines, height of the atmospheric freezing isotherm, and precipitation, a multiple regression analysis was conducted (see Appendix A for details). This analysis yielded the following relationship for tropical sites:
where ELA is the glacier equilibrium-line altitude, or snowline, FH is the annually averaged freezing height, and PA is the annual precipitation (ELA and FH are given here in meters; PA is given in millimeters). The mean annual precipitation for these sites is 1084 mm/yr (values are derived from gridded data), so the regression relation implies that a 20% reduction in precipitation would raise snowlines by $100 m relative to the atmospheric freezing height. Alternately, to hold snowlines at a constant level while precipitation decreases by 20%, a compensating reduction in freezing height of 100 m would be required. Increases in precipitation would have corresponding effects, but of opposite sign.
[20] While the regression relationship above could theoretically be used to predict ELA shifts for individual glaciers in the tropics, given regional changes in FH and PA, we do not consider sites individually in this study. Essentially, this is because our model is one-dimensional and is only intended to represent spatially averaged values. However, there is a corollary benefit to this averaging: the reduced statistical uncertainty involved in predicting the mean response.
7. Requirede Shift for the Observed Snowline Depression [21] Trenberth and Caron [2001] , and the boundary layer cloud fraction of 26% is consistent with surface observations as described by Warren et al. [1988] . The base state SST, 301.5 K, is near but not quite as high as core warm-pool values, which range above 302 K. The value for surface wind speed, 5 m/s, was chosen to be somewhat lower than the 6.7 m/s used by Betts and Ridgway [1992] for their modern climate, while the SST was chosen to be higher than their base state value of 300 K [Betts and Ridgway, 1992] . One might think of these choices as specifying a modeled region that is more representative of the subsiding areas of the warm pool, rather than of the tropics as a whole. However, the conclusions of this study are not sensitive to these choices.
[22] Since sea level was $120 m lower at the LGM [Fairbanks, 1989; Fleming et al., 1998 ] and the absolute snowline depression averaged 900 m [Porter, 2001] , the mean snowline depression, relative to the lowered sea level of the LGM, would have been 780 m. The computed moist virtual adiabatic temperature profile has a freezing height response, @z 0 /@q e = 63 m/K, so this snowline shift would require a reduction in q e of 12.4 K, from 349.4 to 337 K, were it due solely to changes in the freezing height. A 20% reduction in precipitation, using the regression relation derived above, would decrease the required q e by 1.6 K, to 335.4 K, with a corresponding reduction in SST. Thus, for a given snowline depression a drier climate would correspond to a cooler sea surface, since it would necessitate a larger SST reduction for the same snowline shift. This observation has been made before [see, e.g., Rind, 1990] , at least in the qualitative sense.
[23] From a budget perspective we would expect a colder climate to have a less intense hydrological cycle, i.e., lower average precipitation, owing to the reduced longwave cooling of the atmosphere, and the concomitant reduction of balancing latent heat flux from the ocean surface. The modeled latent heat flux decreases by $11% for a reduction in SST of 3 K and 16% for a reduction of 5 K. Thus, for the contemplated range of temperature changes a precipitation reduction of 20% would represent a large excursion with respect to the computed model budgets. [24] Given the limited spatial sampling implied by the geographical distribution of snowline data in the tropics, it cannot be assumed with certainty that average precipitation change at the sites of glaciers was strictly proportional to changes in the surface latent heat flux. This matter is discussed further in section 9.
Sensitivity Experiments
[25] In the following experiments we explore the model parameter space by varying boundary conditions as well as internal parameters. We seek a state in which the atmospheric mixed-layer q e lies at 337 K (335.4 K), corresponding to a scenario in which there is no change (a 20% reduction) in precipitation. The precipitation referred to would be the LGM analog of the gridded precipitation field used to derive the regression relation, as described in Appendix A. We vary the specified ocean heat export, boundary layer cloud fraction, autoconversion of cloud liquid water into precipitation, surface wind speed, and a parameter, T sl , that controls above-inversion specific humidity. Each of these variables may have a significant effect on the tropical climate.
[26] In all experiments, atmospheric CO 2 was reduced to 180 ppm and sea level pressure (SLP) was increased to 1026 mbar, reflecting the lowered sea level of the LGM [Guilderson et al., 1994; Fleming et al., 1998 ] and the corresponding redistribution of atmospheric mass due to the presence of large continental ice sheets [Betts and Ridgway, 1992] . Reduction of CO 2 lowers the equilibrium SST, while increasing SLP has the opposite effect in this model. The sensitivities are such that the equilibrium SST is shifted upward by $0.5 K in going from modern to LGM values of CO 2 and SLP. In the following experiments, reductions in equilibrium SST are computed using the base state value, 301.5 K, as a starting point.
[27] Figure 4 shows the results of typical experiments. In each panel, oceanic heat export and a single other parameter were varied, as indicated on the plot axes. Contours for three values of equilibrium SST, 300.5, 298.5, and 296.5 K, representing temperature reductions, relative to the base state value, of 1, 3, and 5 K, respectively, are shown These are labeled with the SST reduction represented, rather than the absolute SST. Also plotted are q e contours at 10 K intervals as well as a contour for the target q e value of 337 K, which is shown as a thick dashed line.
[28] Although the changes in ocean heat export needed to produce the required SST reductions may appear to be rather large in some plots, these transports are simply standing in, in these experiments, for the assortment of altered boundary conditions that may have brought about the lowered sea-surface temperatures of the LGM. We do not attempt to diagnose here a complete picture of the altered boundary conditions that may have prevailed at the LGM.
[29] In Figure 4a the y variable is boundary layer cloud fraction. The principal effect of increasing the cloud fraction is to reduce the net surface solar radiation, owing to the high cloud albedo (typically 0.6, compared with 0.07 for the ocean surface). The model sensitivity is sufficient to lower equilibrium SST by 3 K as cloud fraction goes from 0.26 to 0.35. Values of q e are seen to decrease in step with SST, as indicated by the parallel appearance of the respective contours; the SST reduction corresponding to the target q e is somewhat less than 3 K. The required reduction in SST is seen to be independent of any joint variations of cloud fraction and oceanic heat export.
[30] The y axis of Figure 4b shows the internal parameter T sl , discussed in section 3. T sl controls the above-inversion specific humidity q t according to q t = q s (q es , T sl ), where q es is the saturation equivalent potential temperature corresponding to the mixed-layer q e computed by the model, q s is saturation specific humidity, and T sl is a temperature near the freezing point. Contours of q t have been added in this plot and are shown as dotted lines with single-digit labels. The above-inversion humidity is seen to increase with T sl , as do the equilibrium SST and q e , reflecting shifts in the longwave radiation budget. Water vapor above the inversion absorbs upwelling longwave radiation and reradiates a portion back downward, requiring higher values of both equilibrium SST and mixed-layer q e . The coupling of SST and q e is also apparent in this plot, with the SST reduction corresponding to the target q e value again seen to be slightly less than 3 K.
[31] In Figure 4c the autoconversion parameter, which controls the fraction of cloud liquid water that is removed as precipitation, appears on the y axis. As noted above, drizzle removes liquid water from the cloud layer (the droplet size distribution remains unchanged) and reduces both cloud optical depth and albedo, raising the equilibrium SST. Subcloud q e also changes in step with SST in this plot, and the required SST reduction is similar to that in Figures 4a and 4b. Joint variations in autoconversion and ocean heat export do not appear to influence the strong coupling of SST and subcloud q e and, by inference, the coupling between SST and snowline elevation.
[32] The model sensitivity of mixed-layer q e to SST change, @q e /@SST, equals 4.36 (at an SST of 300 K). Thus the reduction in q e of 12.4 K that we seek could be obtained with a reduction in SST of 2.8 K. In fact, the strong coupling of SST and mixedlayer q e observed in the plots so far examined, as shown by their parallel contours, effectively specifies the SST reduction corresponding to a given snowline depression, even as the other parameters so far explored are allowed to change. For example, an SST reduction of 5 K would lower q e by 21. value and well outside the uncertainty of 39 m in the estimated mean snowline depression. Thus, unless a process exists that can modify the coupling between q e and SST, a cooling of 2.8 K (3.2 K for the reduced precipitation scenario) would be both necessary and sufficient to account for the LGM snowline lowering.
[33] Freezing height changes more rapidly with q e along the moist adiabat, with a sensitivity of 71 m/K at 300 K (these sensitivities vary slowly with temperature). If the moist adiabat were adopted as the reference profile, the required change in q e would be 11 K. The SST change required would then be 2.5 K (with no precipitation change) or 2.8 K (with a 20% reduction in precipitation).
[34] Figure 4d differs from the other panels in Figure 4 , in that the contours of SST and q e are not everywhere parallel. As surface wind speed increases, the latent and sensible heat fluxes from the ocean surface also increase, lowering the equilibrium SST. But the consequent moistening and heating of the mixedlayer air above the sea surface retard the depression of its q e , relative to the lowering of the underlying SST. The differing sensitivities of SST and q e , indicated by the difference in slopes of the SST and q e contours, indicate that variations in wind speed can induce SST changes that are independent to some degree of changes in the mixed-layer q e , and thus from the snowline elevation. For instance, we see that the snowline lowering would be consistent with a 5 K reduction in SST if mean LGM wind speed had increased to 11 m/s. In general, for a given snowline depression, increased surface wind speeds would be consistent with lower LGM SSTs and vice versa. Specifying a likely range for LGM SST thus becomes, at least in part, a question of defining a corresponding likely range of surface wind speed over the convecting regions during glacial times.
[35] Today, wind speeds above 10 m/s are more characteristic of the midlatitude oceans than the regions of deep convection, where winds tend to be <5 m/s [Trenberth et al., 1989] ( Figure 5 ). The global distribution of SST is negatively skewed [Wallace, 1992] , with the convecting regions, namely, the warm pool, occupying a relatively large area having small SST gradients and correspondingly light winds [Lindzen and Nigam, 1987] . It is difficult to make a conclusive case for the existence of a similar SST distribution at the LGM, but a modicum of circumstantial evidence may be cited that tends to support this view. The CLIMAP LGM SST field, the only global reconstruction to date, does show extended regions of uniform SST that are similar in location to today's warm pool, if somewhat different in configuration in the February and August reconstructions. Farrera et al. [1999] , in a recent, comprehensive survey, find that terrestrial evidence supports the existence of these spatial patterns, even though the evidence also indicates that average CLIMAP SSTs are somewhat too high. The recent SST reconstruction of Mix et al. [1999] is limited to the Atlantic and eastern Pacific and would not modify the LGM ''warm pool'' areas greatly. It is often assumed that the LGM must have been a time of increased temperature gradients and commensurately stronger winds. However, Rind [1998] , in a study comparing proxy records with model simulations, found that in a colder climate, weaker temperature gradients were indicated in low latitudes, while stronger gradients may have prevailed at high latitudes.
[36] We do not claim by these observations to have conclusively demonstrated the immutability of winds in the convecting areas of the tropics. But taken together with the rather large wind speed changes that would be required to shift the SST-q e coupling by an appreciable amount, these observations at least render the idea of small LGM wind speed changes a plausible one.
Discussion
[37] Modest changes in cloud fraction, perhaps coupled with increased oceanic heat export, are sufficient to reduce glacial-age SST to values consistent with any of the paleotemperature proxy records discussed. However, the tight coupling between SST and q e , the equivalent potential temperature of subcloud air in the marine atmospheric boundary layer, restricts the plausible range of SST reduction once a value for the snowline depression is known. This is the case because it is the subcloud q e that determines the temperature structure of the tropical atmosphere, and thus the elevation of snowlines. The single model parameter capable of modifying the consequent close coupling of SST and snowline elevation is surface wind speed. While the global wind field in a glacial climate may well have differed from that of modern times, at least some evidence suggests that wind speeds may not have been too different in the ocean areas of greatest significance for snowline elevations. These are the regions of deep convection, where the lightest winds prevail.
[38] In the case of a drier climate, a lower SST would be indicated, since the required freezing level depression would exceed the lowering of snowlines. A reduction in precipitation of 20% would, in this manner, lower the required q e by 1.6 K and the SST by 0.4 K for a total LGM SST reduction of 3.2 K. As noted in section 7, an equilibrium state with a lower SST has a correspondingly reduced surface latent heat flux, the presumed source of this precipitation, with an SST reduction of 5 K corresponding to a 16% reduction in the latent heat flux. An iterative procedure applied to the SST -latent heat -snowline shift -SST loop arrives at an SST reduction of 3.0 K, with a corresponding latent heat flux reduction of $10% and a snowline rise, relative to the freezing level, of 50 m. Thus an SST reduction of 3.0 K and a precipitation reduction of 10% would be consistent with the model latent heat budget as well as the observed snowline depression. Farrera et al. [1999] note that terrestrial evidence supports the notion of general tropical aridity at the LGM.
[39] The assumption that changes in the surface latent heat budget must be accompanied by proportional changes in the high mountain snows that drive glacier fluctuations is, of course, open to question. Actual precipitation change at the LGM seems to have been quite variable, with areas of wet and dry climates in close proximity. For example, Thompson et al. [1998] report wetter LGM conditions at Sajama (18°S) in the Bolivian Andes, in accord with Altiplano lake-level studies [e.g., Baker et al., 2000] . However, Thompson et al. [1995] report drier LGM conditions at Huascarán (9°S) in Peru. In other studies, Seltzer et al. [2000] found that hydrological fluctuations between the northern and southern tropics were antiphased (during the last glacial-interglacial transition), while Gasse [2000] notes that tropical east Africa was arid at the LGM, Lake Victoria having completely vanished at this time. Aside from these indications of variability, there is also the question of sampling, since glaciated areas in the tropics are highly localized. Thus, even if average tropical precipitation had been reduced in precisely the same proportion as the surface latent heat flux, there is no assurance that this reduction would be mirrored by the average precipitation received in the areas in which LGM snowline depressions were recorded. The fact that our regression relationship was derived using gridded, and therefore spatially averaged, data ameliorates this situation, but only to a limited extent. Thus, although a reduction in mean tropical precipitation may be consistent with a reduced flux of latent heat from the ocean surface, such a reduction need not have applied to the area sampled by the observed glaciers.
[40] Finally, snowline depression among the sample glaciers was fairly uniform (Table 3) . Taken together with the spatial homogeneity of midtropospheric temperatures, this suggests that the component of ELA variation forced by changes in precipitation must have been small compared to the component forced by temperature change. If these roles were reversed, one would expect to see a much larger range of snowline variations, presumably of both signs, given the apparently high spatial variability of LGM precipitation changes. This is not observed. Thus it is likely that precipitation played a secondary role in forcing snowline changes at the LGM.
[41] It is interesting that Hostetler and Clark [2000] arrived at a very similar value for warm-pool SST depression, albeit by a totally different route. In their study a mass-balance model, in conjunction with a high-resolution digital elevation map, was used to process output from a GCM. By adjusting local temperatures, but retaining the GCM-derived precipitation field, the mass-balance model was tuned until a set of simulated glaciers attained LGM configurations consistent with those inferred from geomorphic evidence. ELA values were then determined from the computed mass balance profiles and related to the SST field used as a model boundary condition. LGM cooling in the warm pool area was estimated as 3 K in this study.
Sources of Error
[42] Sources of error may reside in the basic assumptions employed, in the model physics, in the determination of the snowline depression itself, in the estimate of sea level lowering at the LGM, and possibly other factors. Many of these uncertainties are difficult to quantify, but some estimates may provide a context in which to consider the computed SST depressions.
[43] The sample standard deviation associated with the snowline lowering itself is given by Porter [2001] as 135 m. With a sample size of 12, the standard error of the mean would be 39 m, corresponding to an uncertainty of 0.14 K in the SST reduction, given the sensitivities discussed above.
[44] As mentioned, changes in the high mountain precipitation that drives glacier mass balance, and ultimately the adjustment of snowlines to changes in climate state, may not have been strictly proportional to changes in the surface latent heat flux. For an uncertainty of 10% in LGM precipitation averaged over the tropical glacier sites used in the regression calculation (and with an implied precipitation variable similar to the gridded field utilized in the regression), the corresponding uncertainty in LGM SST change would be 0.18 K.
[45] It is difficult to rule out modest changes in mean wind speeds in the convecting areas, although a case was made earlier that large changes do not seem likely. The model sensitivities are such that an uncertainty in the change in wind speed of 0.5 m/s, or 10%, corresponds to an uncertainty in the required SST depression of 0.4 K, keeping q e constant at 337 K, i.e., consistent with the observed snowline shift.
[46] These error figures, while providing useful information, do not constitute a complete description of the uncertainty associated with the computed SST reduction. In addition to potential sources of error which remain unaddressed, the possible covariation of error sources, such as winds and mountain precipitation, is not explored here.
Comparison to SST Proxy Reconstructions
[47] In section 7 the SST reduction required to account for the observed snowline depression, given no change in precipitation, was given as 2.8 K, while in section 9 an estimate of 3.0 K was suggested on the basis of a presumed consistency between modeled latent heat flux and assumed precipitation changes. On the other hand, had precipitation been 10% greater at the LGM, the corresponding SST reduction would have been 2.6 K. Paleothermometry based on alkenones indicates LGM SST depressions of $2 K [Bard, 1999] , somewhat closer to the CLIMAP value; measurements of noble gas concentrations in groundwater yield estimates of surface air temperature reduction of 5 -6.5 K [Stute et al., 1995; Weyhenmeyer et al., 2000] . Sr/Ca and d 18 O records from Barbados corals suggest a 5 K cooling [Guilderson et al., 1994] , while the warm-pool SST depression derived from Mg/Ca paleothermometry is 2.8 K. Recent faunal-based estimates yield a cooling of 2 K near Hawaii [Lee and Slowey, 1999] and as much as 5 -6 K in the eastern equatorial Pacific and equatorial Atlantic oceans .
[48] Figure 6 shows the locations to which a number of these proxy records, as well as the cited snowline data [Porter, 2001] , correspond. These data are also listed in Tables 2 (proxy data) and 3 (snowlines). The proxy records cited are intended to be representative of the range of extant reconstructions, rather than an exhaustive tabulation. Crowley [2000] discusses potential problems associated with a number of these indicators. However, since we focus here on the implications of the snowline depression, we simply take the various proxy estimates at face value and compare them as they stand with inferences from the model sensitivity tests.
[49] From a purely numerical point of view, the model estimates presented here would appear to be in closest agreement with SST depressions derived from Mg/Ca paleothermometry, although the uncertainties are not so small as to conclude that alkenone-derived estimates are incompatible with model results. We use the qualifier ''numerical'' to emphasize that the model estimates are assumed to represent SST changes in the regions of deep convection, as discussed earlier. Thus, depending on location, other proxy records may indeed be quite compatible with the model estimates from a dynamical point of view.
[50] The SST estimates of Mix et al. [1999] , which apply to the equatorial eastern Pacific and Atlantic, reinforce this point. The reconstructions are fields, rather than point estimates, and the degree of cooling indicated ranges up to 6 K. As indicated in section 8, an SST reduction of this magnitude would appear to be too large to support the observed snowline depression. The regions of cooling, however, are far from the warm-pool area and would therefore not be expected to dominate the atmospheric temperature response.
[51] However, in an atmospheric general circulation model simulation of the LGM climate, in which the eastern Pacific and Atlantic SST fields of Mix et al. [1999] were combined with CLIMAP SSTs elsewhere, Hostetler and Mix [1999] found east African and Andean snowline depressions to be in better accord with observations than when the pure CLIMAP SST field was was used. This suggests that strict consideration of warm-pool SSTs alone may represent something of an oversimplification and that temperatures (and q e values) in other convecting regions may also play a role in determining freezing height in the tropics. For the purposes of the present study this idea could be assimilated by simply redefining the modeled area to represent some average taken over the various convective zones. Such an average might be weighted to account for the relative importance of the different areas represented.
[52] Two proxy records represent locations near the center of the present warm-pool area: the Mg/Ca record of Lea et al. [2000] and the alkenone record of Ohkouchi et al. [1994] ; owing to their locations, these records might be given somewhat more weight than the others, for the purposes of the comparison at hand. The alkenone record indicates an LGM cooling 1.5 K; for Mg/Ca the estimated cooling is 2.8 K.
Drizzle
[53] It can be seen from Figure 4c that variations in the autoconversion parameter do not noticeably alter the parallel character of SST and q e contours. Thus the elimination of drizzle would not be expected to greatly affect the snowline-SST dependence on which the estimates given above are based. A series of model runs using nonprecipitating clouds confirms this expectation. These experiments indicate that the sensitivity of q e to SST changes, @q e /@SST, is reduced from 4.36 to 4.24, leading to estimated SST shifts $0.1 K greater than those for experiments in which the effects of drizzle are included. Thus the inclusion of drizzle has only a very minor effect on the numerical conclusions presented.
[54] The possible dependence of cloud fraction on autoconversion parameter, or rainout efficiency, is not developed here; in the model runs, each must be specified independently. Since drizzle depletes liquid water, the substance of which the clouds in question are formed, it is likely that such a dependence exists [Albrecht, 1989] . However, the SST-q e coupling does not seem to depend on changes in either cloud fraction or autoconversion. Identification of a link between them may thus be more relevant for an understanding Figure 6 . Sites corresponding to proxy SST reconstructions and snowline data locations: triangles, snowline data; square, the single LGM coral record; diamonds, noble gas records; circles, alkenone data; stars, Mg/Ca records; cross, a faunal estimate. The temperature fields reconstructed by Mix et al. [1999] in the eastern equatorial Pacific and equatorial Atlantic are not shown. Additional data exist for some of the listed proxies, particularly alkenones. of the mechanisms responsible for climate change, rather than for the constraint of SST variation, given that some climate change, with its associated snowline shift, has occurred. Albrecht [1989] has remarked that the effect of aerosols in inhibiting drizzle would tend to increase low cloud fraction as well as cloud albedo, both effects tending to increase the planetary albedo. Such a mechanism might have increased the cooling of an already dusty glacial atmosphere. Broecker [2000] has recently discussed the possible effect of dust loading, via these processes, in abrupt climate changes.
Summary and Conclusions
[55] The boundary layer model of Betts and Ridgway [1989] , as modified by Seager et al. [2000] to include drizzle from boundary layer clouds, is used to compare the LGM depression of tropical snowlines to a variety of paleotemperature proxies that indicate tropical surface cooling ranging from 1.5 to 6.5 K. The underlying conceptual model involves convergence of boundary layer air into the regions of deep convection, with thermodynamic ascent along an adiabat determined by the equivalent potential temperature, q e , of the converging subcloud air. Through the mediation of dynamical processes, the temperature profile set by this deep convection prevails throughout the tropics. The picture is one in which local processes contribute only indirectly to the above-inversion temperature profile, and thus the snowline elevation.
[56] In this framework an SST reduction of 2.8 K proves both necessary and sufficient to produce the observed snowline depression, assuming no significant change in LGM precipitation occurred. The close coupling between SST and q e , the equivalent potential temperature of the atmospheric mixed layer, provides a strong constraint on SST once a value for the snowline depression has been introduced. A reduction in precipitation would increase the required reduction in SST by driving snowlines higher with respect to the atmospheric freezing isotherm, with a 20% reduction in precipitation corresponding to an additional SST lowering of 0.4 K. A 20% increase in precipitation would have an effect of similar magnitude but of opposite sign.
[57] While a direct proportionality between changes in latent heat flux at the ocean surface and changes in high mountain precipitation cannot be assumed, a precipitation reduction of 10%, together with an SST lowering of 3.0 K, would be consistent with both the observed snowline depression and such a proportionality.
[58] Some limitations of the class of model employed must be borne in mind. There are no dynamics represented except via parameterization. Cloud fraction, surface winds, ocean heat transport, and other parameters are varied through what are considered reasonable ranges, but the physics of their covariation is not explored. The dependence between cloud fraction and autoconversion would be a likely candidate for such an investigation, and inclusion of an interactive cloud fraction would represent a natural extension of the present model. Again, the clarification of such interactions may tell us more about the processes that produce or maintain the ice-age climate than about glacial SST reduction, once a value for snowline depression is given.
[59] The temperature reconstructions cited, like many paleodata, for the most part represent scattered point measurements and as such place only limited constraints on the reduction in LGM surface temperature in the convecting regions. Since it is likely that SST depression at the LGM was not homogeneous [Mix et al., 2001] , local or regional changes in temperature may have occurred that are not reflected in freezing elevation shifts. This differs from the situation aloft, where the small horizontal temperature gradients of the middle troposphere are reflected in the comparative uniformity of snowline elevation changes.
[60] Some reduction of terrestrial temperature relative to SST may be due to the reduced sea level of glacial times, since locations on land would have been shifted upward along the negative lapse rates that begin at the sea surface. Such shifts alone might be expected to account for an offset of $1 K, approximately half the difference between snowline-and groundwater-derived estimates in Brazil [Stute et al., 1995] but less than one third the difference for the Oman record [Weyhenmeyer et al., 2000] . In addition, this process would not apply to paleotemperature estimates derived from coral geochemistry. Interestingly, Broccoli [2000] , in an atmosphere-mixed layer ocean model simulation of the LGM, found a mean cooling over tropical land areas just 1 K greater than that over the tropical oceans. The differential cooling was not spatially homogeneous, however.
[61] Spatial variations in tropical cooling may account for all or part of the apparent discrepancy between the snowline depression and the temperature proxy records discussed, but in any event the model simulations suggest a reduction in tropical SST that is intermediate between that indicated by CLIMAP and the 5°or greater cooling indicated by the colder paleotemperature proxies. This reduction is estimated as 2.8 -3.2 K, given reductions of high mountain precipitation of 0 -20%, or 3.0 K for the scenario in which the change in snowline-driving precipitation is assumed to be proportional to the change in modeled latent heat flux. These SST reductions would apply to an average over the areas of deep convection and, to the extent that changes in these areas reflect changes in mean tropical SST, to the tropics as a whole.
Appendix A: Regression Calculations [62] In this section we attempt to provide a quantitative estimate of the sensitivity of snowline elevation, or ELA, to changes in climate parameters, using classical multiple regression analysis. For the problem at hand it is desirable to be able to relate ELA to a small set of climate parameters. Otherwise, a large number of possibly complex assumptions would be required in order to constrain changes in SST, given the observed snowline shifts. We thus consider a limited field of candidate regressor variables. These variables are expressed in gridded form; inferences drawn from the regression would therefore apply to spatially smoothed fields, rather than point microclimates at the sites of individual glaciers. It is determined that just two regressors, based on temperature and precipitation, respectively, capture most of the variance in the ELA data set that represents the criterion variable. Finally, applying the results of the regression to the modern-to-LGM snowline shift amounts to an exchange of spatial and temporal gradients. We discuss the justification for this step later in this section.
[63] Both midlatitude and tropical data are utilized in the regression exercise, even though we are primarily interested in the low-latitude response. There are several reasons for this procedure. In the tropics the dynamic range of both ELA and the atmospheric freezing height, a key predictor, is quite small. Regression relationships derived from this data alone are thus not robust. On the other hand, it can be seen from a plot of ELA against freezing height ( Figure A1 ) that tropical data points lie on the same trend as those in midlatitudes. This is an indication of similarity in response, and indeed, Hastenrath [1991] confirms that, like most midlatitude glaciers, those in the tropics lose mass primarily through melting. This would explain the association between ELA and freezing height shown in Figure A1 .
[64] Contrastingly, a number of additional snowline data for the very arid subtropical Andes were available [Hastenrath, 1971] but were found to lie well above the observed trend, with ELA values as much as 1000 m higher than the freezing elevation. In such a setting it is likely that sublimation, rather than melting, would become the principal term in ablation budgets [Hastenrath, 1991] . Aside from questions related to the actual nature of the objects described by the data, this subpopulation is clearly quite different in character than both midlatitude and tropical glaciers and would not be expected to respond in a similar manner to temperature and possibly also precipitation variations. These subtropical data points were consequently excluded from the regression data set. Wagnon et al. [1999a Wagnon et al. [ , 1999b found that for a Bolivian glacier at 16°S, partitioning of ablation into sublimation and melting terms was controlled by atmospheric humidity, with dry conditions favoring the former. Over a typical budget year, however, sublimation accounted for less than one fifth of the ablation total, expressed in terms of mass. This is consistent with the observation of Hastenrath [1991] . Although the response to precipitation seems to differ between midlatitude and tropical sites ( Figure A2 ), we shall see that the use of indicator, or ''dummy,'' variables in the regression can accommodate this difference. This is not the case with respect to the subtropical sites, however, which showed no discernible response to either temperature or precipitation regressors.
[65] By pooling the data from both midlatitude and tropical sites in a single regression, we gain additional degress of freedom, reducing the error associated with estimates of the regression coefficients [Neter et al., 1996] . Because of the limited dynamic range in the tropical data, and the correspondingly large uncertainty in regression coefficients derived solely from tropical points, this makes a substantial difference in the utility of the regression results.
[66] The regression was carried out assuming that the data comprised two distinct subpopulations, namely, midlatitude and tropical. Inclusion of both subpopulations in the regression carries the implicit assumption that they respond to the same regressors, although identical sensitivities to these regressors are not assumed. The possibility that regression coefficients differ between the two groups is tested by defining a variety of indicator variables and determining whether their inclusion in the regression makes a significant difference in the total variance explained [Neter et al., 1996] . The regression ultimately produces two equations, one corresponding to each subpopulation. Thus the use of a single regression does not imply that changes in midlatitude precipitation or temperature are being used to constrain the reduction in tropical SST. The midlatitude data, rather, are used to improve the estimates of the coefficients in the tropical equation and thus its reliability.
[67] Initially, an assortment of candidate regressors was considered. These included annual and summer means of the atmospheric freezing height and annual, summer, and winter precipitation totals. Summer freezing height was further refined by testing 3-month as well as 6-month averages. The former were taken as JJA or DJF, and the latter were taken as Apr -Sep or Oct -Mar, depending on hemisphere. Seasonal precipitation was computed using the 6-month definitions. In addition, an attempt was made to account for the effect of differential cloud cover by including a cloud radiative forcing data set [Rossow and Zhang, 1995] in an annually averaged form. All the climate data used are given on 2.5°Â 2.5°grids.
[68] Of the candidate regressors, the one best correlated with ELA was summer freezing height. In preliminary trials that included many subsets of the candidate variables, the 6-month average generally proved somewhat better at explaining variance than the 3-month version, and it alone was ultimately retained. It could be argued that because the seasonal cycle is weak in the tropics, annually averaged temperature would be a more suitable choice. Because of the weak seasonal cycle, however, substitution of the annually averaged temperature for deep tropical sites makes little difference in the regression results. Since at least two of the tropical sites (Meseta volcanoes and eastern Nepal Himalaya; see Table A1 ) are far enough from the equator to experience at least some seasonality, it was decided, in part for consistency, to simply use the 6-month warm season variant for all sites.
[69] Since the notion of a cold accumulation season is not applicable in the tropics, and since annual and cold-season precipitation are well-correlated for midlatitude sites (r = 0.96), annual precipitation was employed as a regressor for all sites. The principal effect of this choice appears in the midlatitude equation, where the sensitivity to precipitation is about one half of what it would have been had winter precipitation been used instead. Since the 6-month winter season is itself a somewhat arbitrary choice, use of annual precipitation allows the regression to decide, in effect, what fraction of the annual precipitation is efficacious in the forcing of snowline changes. When an indicator variable is included, the regression procedure calculates these ''efficiency factors'' separately for tropics and midlatitudes.
[70] Freezing height was computed for each site from the NCEP-NCAR reanalysis [Kalnay et al., 1996] , using a climatology for the period 1950 -1979 . This period corresponds to the temporal span of the precipitation climatology employed. The NCEP-NCAR atmospheric temperatures, described as ''strongly dependent on observations,'' are based on rawinsonde data and thus are representative of the free atmosphere. However, it is possible that radiosondes released at altitude might still record some influences of the planetary boundary layer, at least in the lower portions of their soundings. We mention this because recent studies in the Andes have found discrepancies between decadal temperature trends in the free atmosphere, as measured by radiosondes and satellites, and those derived from surface observations [Vuille and Bradley, 2000] . In a similar vein, Gaffen et al. [2000] found that midtropospheric tropical temperatures during the period 1979 -1997 cooled, while observations indicate that tropical glaciers were rapidly melting [Hastenrath and Kruss, 1992; Kaser, 1999] . On the other hand, Figure A1 appears to show a strong correlation between ELA and the free-atmosphere temperature over a wide range. These two sets of observations are not necessarily inconsistent, however.
[71] The temperature data used in the regression and plotted in Figure A1 are 30-year means, taken over the period 1950 -1979, Figure A2 . ELA plotted against annual precipitation. As in Figure A1 , midlatitude points are shown as crosses, and tropical points are shown as circles. Tropical and midlatitude data points appear to lie on different trends. during which global temperatures were relatively stable. They are intended to be representative of an approximately stationary state corresponding to the observed distribution of snowlines at around this time. On the other hand, studies such as Vuille and Bradley [2000] and Gaffen et al. [2000] are focused on transient behavior and record decadal fluctuations that are comparable to, or smaller than, regression error terms. For example, the mean square regression residual for tropical sites is 56 m, about twice the decadal trend in freezing height indicated by Gaffen et al. [2000] for the period 1979 -1997. Thus, trend differences of this magnitude would probably be absorbed in regression errors, assuming they did not persist for many decades. In this regard it may be worth noting that while Gaffen et al.
[2000] find a decreasing trend in free-atmosphere freezing height for the period 1979 -1997, the trend reported for the period 1960 -1997 was positive. Finally, Figure A1 suggests that there is a limit to the offset than can persist between surface and free-atmospheric temperatures and that the latter are ultimately sensed at the surface, if possibly in the presence of distortion attributable to the proximity of the land surface [Molnar and Emanuel, 1999] . Beyond these arguments we must assume that any such offsets, if indeed they exist in the longterm mean, did not greatly differe between modern and LGM times, just as the elevation of the land surface itself did not change appreciably during this interval.
[72] In an extended series of tests, the cloud radiative forcing data was found not to reduce variance significantly, either alone or in combination with any other subset of regressors, and it was ultimately dropped from the regression. It is likely that differential cloudiness does play a role, at least in some locations, in forcing snowline deviations. However, the spatial scale of such forcing may be too small to be captured by the gridded data set. Additionally, only 4 years of data were available, so the climatology of this variable may not be well represented.
[73] Annual values for precipitation were taken from the climatology of Shea [1986] , spanning the years 1950 -1979. Data for both freezing height and precipitation were interpolated bilinearly to the locations of the ELA data points. The ELA data themselves were taken from a variety of field reports (see Table A1 for sources) and have a mean observation date of 1960. In some cases, closely neighboring ELA data were averaged, in both position and elevation, to produce a resolution approximating that of the climate data used in the regression. Most of the snowline depression data supplied by Porter [2001] are derived from geographic areas, if not specific glaciers, represented in this data set.
[74] When both freezing height and precipitation are included in the regression, a single indicator variable proves sufficient to describe the responses of the two groups, with the resulting equations (R 2 = 0.95) Midlatitudes ELA ¼ 91 þ 1:01FH À 0:51PA;
Tropics ELA ¼ 537 þ 1:01FH À 0:51PA:
In these expressions, ELA and FH (freezing height) are given in meters, and PA (annual precipitation) is given in millimeters. Both the FH and PA coefficients are statistically significant (standard errors are given below). 
[76] In this case the tropical group does show a reduced sensitivity to precipitation, as suggested by Figure A2 . However, the coefficient difference is not statistically significant, or to put it another way, the quality of the data does not permit the resolution of a coefficient difference. In any event, it is helpful to note that even with the inclusion of this dummy variable, the computed tropical precipitation sensitivity is not greatly altered. And since a precise estimate of the effects of precipitation changes is not required for the task at hand, the PA coefficient need not be known to high accuracy in any case. One reason that the coefficient difference does not appear as large as might be expected from Figure A2 is that the effect of freezing height on ELA is not accounted for in this plot. When the plotted ELA is corrected for this effect, the disparity between the two trends is seen to be considerably reduced (not shown).
[77] Figure A3 illustrates the combined effects of both freezing height and precipitation. In this plot, ELA values have been adjusted for the influence of precipitation, using the PA coefficient from (A1) and (A2). The adjusted ELA values are plotted against freezing height, so the influence of the latter can also be seen. What remains, after both freezing height and precipitation are accounted for, is a constant offset between tropical and midlatitude points. This is shown by the two dashed lines, each of unit slope, and is reflected in the differing constant terms in (A1) and (A2). The tropical-midlatitude offset in absolute ELA values may be a consequence of the lack of seasonal temperature contrasts, and thus the longer effective ablation season (essentially 12 months) in the tropics, compared to midlatitudes. It indicates that for identical values of freezing height and precipitation, the average data set ELA in the tropics lies 446 m above the corresponding midlatitude ELA. The small difference between PA coefficients in (A3) and (A4) is not significant at the 0.05 level. Nominally, it expresses a difference in the efficiency with which precipitation variations, as expressed in the gridded data, are processed into snowline elevation changes.
[78] The strong dependence of ELA on freezing height, over a wide range, suggests a justification for the exchange of spatial and temporal gradients, as mentioned earlier. This is simply that the melting point of ice is equally invariant with respect to translation in space and time. Of the two regressors finally retained, FH is by far the more effective at explaining variance in ELA. Rather than attempting to enumerate factors that may have produced differing coefficients in a regression conducted over time, rather than space, we assume, on the basis of the foregoing observation, that their effects are likely to be small compared to the dominant influence of freezing height.
[79] Equation (A2) is the one employed in section 6 to estimate the sensitivity of ELA to changes in precipitation. Standard errors of the FH and PA coefficients are 0.07 and 0.12, respectively.
